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A B S T R A C T

Total reduced inorganic S isotope ratios (δ34SCRS) shift toward more negative values across much of the southern
North Atlantic just before the onset of the Cenomanian-Turonian Ocean Anoxic Event (OAE-2). At the same time,
there is no parallel isotopic change in the significantly larger pool of kerogen (organic) S, which indicates that
the distribution and S-isotope composition of sulfide in the environment likely did not drive the change in
δ34SCRS. Here, we investigate possible explanations for the negative shift in δ34SCRS values and their divergence
from organic S by isolating iron sulfides for morphological identification and grain-specific isotopic analysis
using secondary ion mass spectrometry (SIMS). In pre- and syn-OAE-2 sedimentary rocks from Demerara Rise,
we find four distinct morphologies of iron sulfides: pyrite framboids (1–20 μm diameter), irregular pyrite ag-
gregates (1–38 μm diameter), large cemented pyrite aggregates (~60 μm diameter), and irregular and cemented
aggregates of the pyrite polymorph marcasite (1–45 μm diameter). These different textural groups have distinct
S-isotopic compositions that are largely consistent through the onset of OAE-2. As such, the secular change in
bulk δ34SCRS values likely reflects the changing proportions of these phases stratigraphically across OAE-2. All
textural groups feature resolvable intra-grain δ34S variability, suggesting that the environments in which they
formed were characterized by dynamic sulfide δ34S values and/or by partial closed-system distillation. We use
grain-specific δ34S distributions to rule out shoaling of the chemocline within the sediments as a mechanism for
the observed decrease in δ34SCRS. Instead, we propose that changes in the reactivity of the iron species delivered
to Demerara Rise over the ~200 kyr leading up to the onset of OAE-2 impacted the relative contributions of
pyrite with S-isotope signatures reflecting the water column, shallow sediments, and deeper sediments to the
bulk sedimentary δ34SCRS value. Specifically, the change in iron reactivity at the onset of OAE-2 favored the
production of 34S-depleted large, cemented aggregates and framboids at the expense of more 34S-enriched ir-
regular aggregates. Our results underscore that bulk δ34SCRS measurements integrate multiple reduced phases
that form via distinct reaction mechanisms and potentially in different parts of the depositional environment.
Grain-specific SIMS analyses dramatically enrich our ability to interpret pyrite isotopic patterns in the geologic
record.

1. Introduction

The Cenomanian-Turonian Boundary Ocean Anoxic Event (OAE-2)
was an interval of geographically extensive enhanced organic matter
(OM) burial and CO2 drawdown, marked by a transient positive C
isotope excursion in the marine organic and inorganic carbon records
(Jarvis et al., 2011; Jenkyns, 2010; Owens et al., 2018; Trabucho
Alexandre et al., 2010). The respiration of enhanced primary pro-
ductivity is thought to have depleted oceanic oxygen concentrations

(Dickson et al., 2016; Ostrander et al., 2017; Owens et al., 2016, 2013;
Schlanger and Jenkyns, 1976), leading to enhanced preservation of OM
(Barron, 1983) and the formation of remarkably OM-rich sediments. At
Demerara Rise, a site in the southern proto-North Atlantic (ODP 1258;
Erbacher et al., 2005; Böttcher et al., 2006; Fig. 1), average pre-OAE-2
sediments contain 8.8 wt% TOC, whereas syn-OAE-2 sediments average
19 wt% TOC (Raven et al., 2019), partially due to lesser dilution by
carbonates within the OAE-2 interval (Owens et al., 2016). One of the
more unusual aspects of Demerara Rise is that Fe speciation and trace
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metal geochemistry through OAE-2 indicate relatively stable, reducing
local redox conditions (Böttcher et al., 2006; Hetzel et al., 2009; Owens
et al., 2016). This is in sharp contrast to the interpreted global redox
conditions, with oceanic deoxygenation during OAE-2, followed by
minimal recovery in the wake of the event (Jenkyns, 2010; Ostrander
et al., 2017; Owens et al., 2013).

Due to the intimate connection between the global C and S cycles
(Berner, 2001, 1989; Canfield, 2004; Fike et al., 2015; Garrels and
Lerman, 1981), many have used the S-isotopic composition of different
operationally defined S-bearing phases to probe the response of the
global S cycle to OAE-2. S-isotopic compositions are expressed here in
the standard delta notation (in units of permil, ‰) relative to the
Vienna Canyon Diablo Troilite (VCDT) reference standard for S (Ding
et al., 1999),
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The operationally defined pool of chromium-reducible S (CRS;
Canfield et al., 1986) includes pyrite (FeS2), the pyrite polymorph
marcasite (FeS2), and potentially elemental S (S0). The S-isotope com-
position of this pool (δ34SCRS) can provide insights into S cycling. The
δ34SCRS values at several sites in the southern proto-North Atlantic re-
cord a consistent δ34S pattern, in which they become more 34S-depleted
over the ~200,000 years leading up to OAE-2 (Raven et al., 2019).
Various factors have been suggested to have caused the decreasing
δ34SCRS before OAE-2, including chemocline migration (Gomes et al.,
2016), increasing sulfur disproportionation (Hetzel et al., 2009; Kolonic
et al., 2002), changes in the location of Fe sulfide formation in the
environment (Raven et al., 2019), and declining oceanic sulfate con-
centration (Adams et al., 2010; Owens et al., 2013).

Recently, Raven et al. (2019) found that the S-isotopic composition
of organic S (δ34SOS) at Demerara Rise was largely invariant before,
during, and after OAE-2 with values ~0‰. As a result, the S-isotopic
offset between CRS and organic S steadily increased leading up to OAE-
2 (Fig. 2). The divergence of these two S isotope records provides clear
constraints on the environmental changes impacting them. Interpreting
the organic S pool as largely having formed through sulfurization of OM
in the water column, Raven et al. (2019) suggested that the increasing
offset between δ34SCRS and δ34SOS at Demerara Rise reflected an in-
crease in the range of depths Fe sulfides formed, from primarily in the
water column before OAE-2 to forming in both the water column and
sediment pore waters during OAE-2. Such a scenario would require a
change in the mineralogy of the Fe reaching the site, such that the re-
lative importance of different pyrite formation mechanisms changed.
Other observations further indicate that metal cycling at Demerara Rise
was perturbed during OAE-2. Most notable is the shift in trace metals
over the same time interval as the δ34SCRS shift; Zn and V

concentrations drop, interpreted to reflect regional drawdown (Owens
et al., 2016). Mo decreases in abundance shortly thereafter, demon-
strating the sensitivity of oceanic metals cycling to a global and step-
wise expansion of reducing environments. Additionally, total iron
abundance is roughly two times higher during OAE-2 than before OAE-
2 (Owens et al., 2012), and the median abundance of Fe sulfides in the
carbonate-free fraction of Demerara Rise sediments is slightly higher
during OAE-2 than before OAE-2 (Raven et al., 2019; Fig. A1, Appendix
A). The proportion of Fe classed as highly reactive (including pyrite) is
slightly lower during OAE-2 than before OAE-2 (Böttcher et al., 2006;
Owens et al., 2016; Fig. 2), although it remains high throughout, in-
dicating dominantly euxinic bottom waters.

δ34SCRS values can reflect variable contributions by multiple gen-
erations of mineral growth (Cui et al., 2018) and can be further com-
plicated by the presence of multiple mineralogies (e.g., pyrite and
marcasite; Bryant et al., 2019). Sulfide minerals record an integrated
value representing the δ34S of aqueous sulfide during their formation.
Recorded δ34SCRS values can thus reflect local environmental factors
(e.g., the ‘openness’ of the environment of mineral formation with re-
spect to sulfate, or the abundance and reactivity of iron minerals;
Bryant et al., 2019; Fike et al., 2015) and ecological factors [e.g., the
magnitude of the biological fractionation associated with microbial
sulfate reduction, εmic (Leavitt et al., 2013; Sim et al., 2011b, 2011a;
Wing and Halevy, 2014)]. Additionally, late-stage fluids can produce
highly 34S-enriched pyrites, often with irregular textures such as over-
growths and cements (Berelson et al., 2018; Bryant et al., 2019; Cui
et al., 2018; Raiswell, 1982). Any single or a combination of these
factors could have contributed to the observed δ34SCRS decrease toward
the onset of OAE-2 at Demerara Rise and cannot be ruled out based on
bulk δ34SCRS data alone. However, the lack of substantive change within
the organic S signal suggests that any perturbation likely impacted the
timing or locus of Fe sulfide formation rather than inherent changes to S
cycling.

Pinpointing the driver(s) of the decrease in δ34SCRS values toward
the onset of OAE-2 at Demerara Rise will provide important informa-
tion about changes to the regional biogeochemical cycles of C, S, and Fe
leading up to and during OAE-2. Here, we use spatially resolved S
isotope analyses to assess regional C, S, and Fe cycling. A scanning ion
imaging method of secondary ion mass spectrometry (SIMS) was re-
cently developed for microcrystalline Fe sulfides, making it possible to
investigate both inter- and intra-grain variability within the CRS pool
(Bryant et al., 2019). By applying this method in a comparative study of
Fe sulfides from pre- and syn-OAE-2 sediments at Demerara Rise, we
can establish the various contributions to and mechanisms responsible
for the observed secular decrease in δ34SCRS values.

2. Methods & materials

2.1. Samples

We obtained three shale (squeeze cake) samples from ODP Site 1258
(drilled at a modern water depth of 3192.2 m, near the base of the
western slope of Demerara Rise). The samples are highly OM-rich la-
minated mudstones from 402.32, 399.545, and 397.82 m below the sea
floor (mbsf) which equates to 429.39, 426.62 and 422.78 m composite
depth (mcd) [after Erbacher et al., 2005 and MacLeod et al., 2008].
Sample I.D. information is provided in Appendix A (Table A1). For
reference, the OAE-2 interval occurs between ~426 and ~422 mcd
(Erbacher et al., 2005; MacLeod et al., 2008; Owens et al., 2016). The
mudstones were previously interpreted to have been deposited at a rate
of ~1 cm/kyr beneath a water column with oxygen minimum zone
(OMZ)-like upwelling and dominantly euxinic (anoxic, sulfide rich)
bottom waters throughout OAE-2 (Böttcher et al., 2006; Hetzel et al.,
2009; Owens et al., 2016). It should be noted that the stratigraphic
resolution of this sampling is low and the sample within the OAE is
from the returning limb of the C isotope excursion.

Fig. 1. Paleogeographic map during OAE-2 (~94 Ma) showing the location of
the Demerara Rise (marked by the red square) in the proto-North Atlantic. Map
generated using the ODSN Plate Tectonic Reconstruction Service (http://www.
odsn.de/odsn/services/paleomap/paleomap.html). (For interpretation of the
references to colour in this figure legend, the reader is referred to the web
version of this article.)
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2.2. Extraction of Fe sulfides

A ShatterBox (SPEX, Metuchen, NJ) was utilized to powder 1 g of
each sample for no longer than 1 min. Carbonate minerals were re-
moved by three sequential 10-min treatments with 6 M hydrochloric
acid, before the insoluble residue was rinsed five times with deionized
water and dried in an oven at 60 °C for 24 h. The insoluble residues
were then powdered by mortar and pestle. For each sample, a 0.25 g
aliquot of insoluble residue powder was added to 45 mL of Lithium
Polytungstate Heavy Liquid (LST) in a 50-mL centrifuge tube. The
contents of these tubes were mixed for 1 min using a vortex mixer, then
placed in an ultrasonic bath (35 kHz) for 15 min to de-flocculate the
powders. Following Bryant et al. (2019), the tubes were spun in a
centrifuge for 38 min at 3000 rpm to allow Fe sulfide grains of dia-
meters ≥0.5 μm to settle out, thus maintaining the original size dis-
tribution of iron sulfide grains. After centrifugation, heavy fractions
were removed from the tubes using a plastic micropipette, placed in
new 50-mL centrifuge tubes, rinsed, and centrifuged (5 min at
2000 rpm) five times in deionized water, and dried overnight at 60 °C in
a vacuum oven.

2.3. Imaging

For each sample, Fe sulfide grains were mounted in 1-inch rounds of
epoxy, along with fragments of the in-house marcasite and pyrite S-
isotopic standards, and polished to 1 μm, as in Bryant et al. (2019).
Epoxy mounts were imaged using reflected light optical microscopy
(2.5× objective for stitched image used for SIMS stage calibration, 50-
80× for regions of interest). For the syn-OAE-2 sample (422.78 m),
representative Fe sulfide aggregates were previously imaged by Scan-
ning Electron Microscopy (SEM) in Bryant et al. (2019).

2.4. Laser Raman microprobe analysis

The mineralogy of all Fe sulfide grains in regions of interest of the
epoxy puck were confirmed using laser Raman microprobe analysis
(1 mW laser power, 80× objective, 20 analyses of 1 s duration, as in
Bryant et al. (2018)). All Fe sulfide grains present were either pyrite or
marcasite, and thus were easily distinguishable based on the positions
of the two dominant bands in Raman spectra obtained: marcasite has
prominent bands at ~324 and ~387 Δcm−1, whereas pyrite has pro-
minent bands at ~343 and ~379 Δcm−1 (Bryant et al., 2018).

2.5. SIMS S isotope analyses

We used fragments of hydrothermal pyrite and marcasite crystals,
both previously demonstrated to be isotopically homogeneous and

calibrated against Balmat pyrite (Bryant et al., 2019), as S-isotopic
standards in SIMS experiments. Following Bryant et al. (2019), en-
vironmental Fe sulfide grains were pre-sputtered by Cs+ bombardment
for 300 s with a 1 nA beam current at raster sizes at least several mi-
crons larger than the exposed grains (20–80 μm). S-isotopic ratio ana-
lyses were then performed in scanning ion imaging mode by Cs+

bombardment (beam diameter of< 1 μm, current of ~10 pA) of the
same raster squares using an electron multiplier (EM) detector on a IMS
7f-GEO SIMS instrument (CAMECA, Fitchburg, WI, USA) at Washington
University in Saint Louis (St Louis, MO, USA) to collect counts of 32S−

and 34S− for each pixel (grids of 128 × 128 pixels) between 20 and 480
planes (1 min per plane). In post-processing, raw isotope ratios were
calculated by taking the mean 34S−/32S− ion count ratio of a central
area of each grain integrated over all analysis planes. Various correc-
tions were applied to the data, including a dead-time correction, an
interpolation of 34S− counts to align in time with those on 32S−, and a
quasi-simultaneous arrival (QSA) effect correction (Bryant et al., 2019;
Jones et al., 2017). Finally, instrumental mass fractionation was then
corrected for by calculating the mineral-specific fractionation factor
(34α) based on the mean raw (from SIMS) and known δ34S value of the
population of internal hydrothermal pyrite or marcasite standards and
dividing the average 34S−/32S− ratio of each environmental Fe sulfide
grain by the appropriate value of 34α. The grain-to-grain reproducibility
for this method (n = 14, 1σ) was previously reported to be± 1.9‰ for
1–3-μm-diameter fragments of hydrothermal pyrite (Bryant et al.,
2019).

3. Results

3.1. Fe sulfide minerals and textures

Optical microscopy and laser Raman microprobe analyses suggested
that all density-separated samples contained exclusively Fe sulfide mi-
nerals, which can be grouped as follows: (i) pyrite framboids
(~1–20 μm spheroidal to sub-spheroidal clusters of equidimensional
and equimorphic pyrite microcrystals; Ohfuji and Rickard, 2005;
Fig. 3A–C), (ii) irregular pyrite aggregates (microscopic non-spheroidal
clusters of pyrite microcrystals, ~1–38 μm; Fig. 3D–H), (iii) cemented
pyrite aggregates (angular pyrite aggregates in which microcrystals are
challenging to discern due to pyritic cementation; Fig. 3I), and (iv)
marcasite (as aggregates of intergrown euhedral microcrystals, or as
fully cemented aggregates, ~1–45 μm; Fig. 3J, K).

By assuming that every Fe sulfide grain imaged is roughly spherical
and non-porous, and cut directly through its equator (Jones et al.,
2019), we can approximate the relative proportions of the different Fe
sulfide groups in each sample – these are summarized in Table 1, and in
Fig. 4A. Average pyrite framboid sizes are ~10 μm prior to OAE-2 and
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smaller (~4 μm) during OAE-2 (Table 1).
In our samples, the proportion of FeS2 present as pyrite framboids

appears to decline leading into OAE-2, while the proportion as irregular
pyrite aggregates also decreases. Marcasite and large cemented pyrite
aggregates are volumetrically dominant in the syn-OAE-2 sample.

3.2. SIMS S isotope analyses

3.2.1. Inter-grain δ34S variability
Grain-specific δ34S values obtained using SIMS scanning ion ima-

ging (Table A2, Appendix A) reflect the integrated value for the exposed
cross-sectional areas of polished grains (Bryant et al., 2019; Jones et al.,
2019); although these multiple-image-plane analyses integrate depth
somewhat, the δ34S values reported in this section may not always be
representative of the integrated value of the entire grain. Regardless, in
all samples, pyrite framboids and irregular pyrite aggregates appear to
be the most 34S-depleted and 34S-enriched textural groups, respectively
(Fig. 4A). Neither group's isotopic composition shows strong strati-
graphic variability, each differing by less than 8‰ between the three
samples.

In the deepest sample (429.39 m; pre-OAE-2), pyrite framboids have
a minimum δ34S value of −36.1 ± 0.8‰ (1 standard error, s.e.;
Fig. 4A, B), an average δ34S value of −21.5 ± 8.9‰ (1 standard de-
viation, σ; n = 18; Fig. 4A, B), and a maximum δ34S value of

+0.4 ± 0.8‰ (1 s.e.; Fig. 4A, B). Irregular pyrite aggregates have a
minimum δ34S value of −18.3 ± 0.8‰ (1 s.e.; Fig. 4A), an average
δ34S value of −4.9 ± 10.5‰ (1σ; n = 6; Fig. 4A), and a maximum
δ34S value of +11.3 ± 0.9‰ (1 s.e.; Fig. 4A).

In the sample deposited slightly before OAE-2 (426.62 m), pyrite
framboids have a minimum δ34S value of −36.2 ± 1.1‰ (1 s.e.;
Fig. 4A, B), an average δ34S value of −26.0 ± 5.6‰ (1σ; n = 8;
Fig. 4A, B), and a maximum δ34S value of −18.9 ± 0.6‰ (1 s.e.;
Fig. 4A, B). Irregular pyrite aggregates have a minimum δ34S value of
−16.0 ± 1.7‰ (1 s.e.; Fig. 4A), an average δ34S value of
−12.8 ± 2.6‰ (1σ; n = 4; Fig. 4A), and a maximum δ34S value of
−9.8 ± 0.4‰ (1 s.e.; Fig. 4A).

The sample deposited during OAE-2 (422.78 m) contains abundant
cemented aggregates and marcasite in addition to the framboids and
irregular aggregates observed throughout. Pyrite framboids at
422.78 m have a minimum δ34S value of −37.4 ± 3.7‰ (1 s.e.;
Fig. 4A, B), an average δ34S value of −28.3 ± 6.0‰ (1σ; n = 35;
Fig. 4A, B) and a maximum δ34S value of −13.2 ± 1.0‰ (1 s.e.;
Fig. 4A, B). Irregular pyrite aggregates have a minimum δ34S value of
−18.4 ± 0.5‰ (1 s.e.; Fig. 4A), an average δ34S value of
−11.8 ± 6.0‰ (1σ; n = 3; Fig. 4A), and a maximum δ34S value of
−6.8 ± 2.1‰ (1 s.e.; Fig. 4A). In the same sample, most marcasites
have δ34S values closer to those of the framboids, with a minimum δ34S
value of −33.9 ± 6.6‰ (1 s.e.; Fig. 4A) and an average δ34S value of
−23.9 ± 11.8‰ (1σ; n = 20; Fig. 4A). The most 34S-enriched mar-
casite, however, has a δ34S value of +18.9 ± 2.0‰ (1 s.e.; Fig. 4A).
Finally, a single large (~60 μm) cemented pyrite aggregate has a δ34S
value of −19.0 ± 0.1‰ (1 s.e.; Fig. 4A).

Assuming an averaged SIMS δ34S value is representative of each
mineral fabric (not every specific grain was analyzed via SIMS), a vo-
lume-adjusted SIMS δ34S value can be estimated for the Fe sulfides
imaged from each sample. Volume-adjusted δ34S values are −10.5,
−14.7, and − 21.8‰ for the samples from depths of 429.39, 426.62,
and 422.78 m, respectively (Table 2). These values are comparable to
the previously reported bulk δ34SCRS values (−4.7, −13.0, and
− 24.4‰; Table 2; Raven et al., 2019), suggesting that our subset of
physically extracted Fe sulfides analyzed by SIMS are broadly re-
presentative of bulk Fe sulfides in the samples.

3.2.2. Intra-grain δ34S variability
To understand the system(s) in which the different Fe sulfide tex-

tures formed, it can be useful to probe intra-grain δ34S variability
(Bryant et al., 2019; Cui et al., 2018). Using our 32S− and 34S− ion
images of Fe sulfides from Demerara Rise, we now investigate intra-
grain isotopic variability across multiple ~1–5 μm diameter regions
within individual Fe sulfides representing all Fe sulfide textures iden-
tified in these samples. In some cases, there may be indiscernible
variability that occurs on scales smaller than the size of the primary
beam (~0.5 μm) or with a magnitude smaller than the precision of
individual measurements. To ensure that the apparent intra-grain
variability is larger than that which would be expected based on the
precision of the method, we always compare the standard deviation of
intra-grain measurements to the average standard error over cycles
associated with individual intra-grain measurements (Bryant et al.,
2019). Where variations in δ34S can be discerned within individual
grains, we test for spatial autocorrelation using global Moran's I. We
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I J K
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429.39 m 426.62 m 422.78 m

Fig. 3. Reflected light optical microscope images (all scale bars are 20 μm) of
different Fe sulfide minerals and textures from Demerara Rise samples. (A–C)
infilled pyrite framboids from depths of 429.39 (pre-OAE-2), 426.62 (pre-OAE-
2) and 422.78 m (syn-OAE-2); (D–H) irregular pyrite aggregates from depths of
429.39 (D-E), 426.62 (F) and 422.78 m (G–H); (I) cemented pyrite aggregate
from a depth of 422.78 m, and (J–K) marcasite from a depth of 422.78 m.

Table 1
Framboid sizes, and relative abundances of different Fe sulfide minerals and textures in the three samples from Demerara Rise, as inferred from optical microscopy
and laser Raman microprobe analysis. The samples from depths of 429.39 and 426.62 m are pre-OAE-2 and the sample from a depth of 422.78 m is syn-OAE-2.

Sample depth (m) Mean framboid size (μm) Vol% pyrite framboids Vol% irregular pyrite Vol% cemented pyrite aggregates Vol% marcasite

422.78 4.2 ± 3.4 (1σ) 3.5 0.1 63.0 33.3
426.62 10.3 ± 4.2 (1σ) 16.5 83.5 0 0
429.39 9.6 ± 3.3 (1σ) 32.5 67.5 0 0
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also test for linear correlation between the distance of the center of
regions of interest from the nearest grain edge and their δ34S values (see
an explanation of both tests in Appendix A, page 9).

3.2.2.1. Pyrite framboids. For all three samples, pyrite
framboids> 4 μm in diameter feature discernible intra-grain δ34S
variability (Fig. 5), the clearest cases of which form spatial trends
similar to those seen in cm-scale pyrite structures, for example, core-rim
34S-enrichments in Archean-age pyrite nodules (Fischer et al., 2014),
exoskeleton-appendage 34S-enrichments in Ordovician-age pyritized
trilobites (Briggs et al., 1991), and centripetal 34S-enrichments in
Ediacaran pyritized Conotubus fossils (Schiffbauer et al., 2014), but
never previously observed in framboids. Although some grains show
intra-grain variation in 32S− ion counts, there are no strong trends
between counts and δ34S (Fig. A2, Appendix A). There is a positive
correlation between the mean δ34S value of a framboid and the
standard deviation of intra-grain δ34S measurements in the horizontal
(x-y) plane (Fig. A3, Appendix A). In the deepest sample (429.39 m),
pyrite framboids are mostly infilled (i.e., individual microcrystals are
only clearly visible toward the edges of framboids; Fig. 5A, B) and
feature moderate intra-grain variation in δ34S (average 1σ = ±4.5‰,
compared to an average intra-grain standard error of± 2.1‰, 1σ,
n = 43). A large framboid (Fig. 5A) features clear core-rim radial
enrichments in 34S (Table A3, Appendix A). A smaller framboid
(Fig. 5B) has a relatively 34S-enriched infilled central region and a
relatively 34S-depleted, non-infilled outer region (Table A3, Appendix
A). In the sample deposited slightly before OAE-2 (426.62 m),
framboids are again mostly infilled (Fig. 5C, D) and feature moderate

intra-grain variation in δ34S (average 1σ = ±5.6‰, compared to an
average intra-grain standard error of± 2.5‰, 1σ, n = 34). A smaller
framboid (Fig. 5C) displays no clear spatial trend in intra-grain δ34S
values (Table A3, Appendix A), whereas a larger framboid (Fig. 5D)
features clear core-rim radial enrichments in 34S (Table A3, Appendix
A). In the sample deposited during OAE-2 (422.78 m), a small, partially
infilled framboid (Fig. 5E) has negligible intra-grain variation in δ34S in
the x-y plane (1σ = ±3.0‰, compared to an average intra-grain
standard error of± 3.4‰, 1σ, n = 10; Table A3, Appendix A). In
contrast, a larger infilled framboid (Fig. 5F) has clear core-rim radial
enrichments in 34S (1σ = ±4.4‰, compared to an average intra-grain
standard error of± 1.5‰, 1σ, n = 30; Table A3, Appendix A).
Generally, where substantial isotopic variability can be discerned, it
takes the form of radial enrichments in 34S that are visible in cross
sections (e.g., Fig. 5A, D, and F). These patterns are representative for
the populations of framboids in all the samples studied.

3.2.2.2. Irregular pyrite aggregates. As with the pyrite framboids,
irregular pyrite aggregates from all three samples feature discernible
intra-grain δ34S variability. In some cases, this variability again takes
the form of core-rim 34S enrichments, but other patterns include
positive spatial autocorrelation without radial trends. Although some
grains show intra-grain variation in 32S− ion counts, there is only a
trend between counts and δ34S for one case (Figs. 6F; A4F, Appendix A)
– this trend appears to be largely driven by two anomalously high-count
regions sampled close to a rough grain edge. There is no correlation
between the mean δ34S value of an irregular aggregate and the standard
deviation of intra-grain δ34S measurements in the x-y plane (Fig. A3,
Appendix A). In the deepest pre-OAE-2 sample (429.39 m), irregular
pyrite aggregates (Fig. 6A–C) again feature substantial intra-grain
variation in δ34S (average 1σ = ±6.8‰, compared to an average
intra-grain standard error of± 2.4‰, 1σ, n = 47). One of these
aggregates (Fig. 6A) displays positive spatial autocorrelation (Table
A3, Appendix A), two of these aggregates (Fig. 6A, C) feature relatively
34S-depleted cores and relatively 34S-enriched edges, (Table A3,
Appendix A), whereas one (Fig. 6B) displays no clear spatial isotopic
trend (Table A3, Appendix A). In the sample deposited slightly before
OAE-2 (426.62 m), irregular pyrite aggregates (Fig. 6D–F) feature
substantial intra-grain variation in δ34S (average 1σ = ±5.5‰,
compared to an average intra-grain standard error of± 2.1‰, 1σ,
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Table 2
Volume-adjusted Fe sulfide-δ34S values (this study) compared with bulk CRS-
and OS-δ34S values from Raven et al. (2019). The samples from depths of
429.39 and 426.62 m are pre-OAE-2 and the sample from a depth of 422.78 m
is syn-OAE-2.

Sample depth
(mcd)

Volume-adjusted Fe sulfide
δ34S (‰)

δ34SCRS (‰) δ34SOS (‰)

422.78 −21.8 −24.4 −4.9
426.62 −14.7 −13.0 −0.7
429.39 −10.5 −4.7 1.1
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n = 61). One larger aggregate (Fig. 6D) shows no clear spatial isotopic
trend in the x-y plane (Table A3, Appendix A), whereas another large
aggregate (Fig. 6E) shows very clear positive spatial autocorrelation
without any radial trend (Table A3, Appendix A). The δ34S values in a
smaller aggregate (Fig. 6F) are again positively spatially autocorrelated
when viewed in the x-y plane but are also higher toward the grain edges
(Table A3, Appendix A). Finally, in the sample deposited during OAE-2
(422.78 m), an irregular pyrite aggregate (Fig. 6G) features some intra-
grain variation in δ34S (1σ = ±4.4‰, compared to an average intra-
grain standard error of± 2.3‰, 1σ, n = 11). Viewed in the x-y plane,
the aggregate is more 34S-enriched toward its edges (Table A3,
Appendix A). Generally, where substantial isotopic variability can be
discerned, it takes the form of radial (Fig. 6A, C, F, and G) or lateral/
linear (Fig. 6E) enrichments in 34S. These patterns are representative of

the populations of irregular aggregates in all the samples studied.

3.2.2.3. Cemented pyrite aggregate. In the sample from within OAE-2,
the single cemented pyrite aggregate for which SIMS data are available
(Fig. 7A) has a large amount of intra-grain δ34S variability when viewed
in the x-y plane (1σ = ±7.2‰, compared to an average intra-grain
standard error of± 0.9‰, 1σ, n = 26). Although there is intra-grain
variation in 32S− ion counts, there is no trend between counts and δ34S
(Fig. A5, Appendix A). The aggregate features positive spatial
autocorrelation and radial 34S-enrichment (Table A3, Appendix A)
and is more 34S-enriched toward its top edge (Figs. 7A; A6A,
Appendix A).

3.2.2.4. Marcasite. Marcasite was only observed in the sample from

Fig. 5. Internal δ34S variability in framboids from (A, B) the deepest pre-OAE-2 sample, (C, D) the sample deposited slightly before OAE-2, and (E, F) the syn-OAE-2
sample. From left-right, panels display: optical microscope images, where scale bars are all 10 μm; 32S− ion images, accumulated over 60–90 cycles, with inset
showing the size of sub-sampled regions; and δ34S values of the sub-sampled regions, where the error bar indicates the average of the standard errors for the different
sub-sampled regions.
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within OAE-2 (422.78 m; Table 1). A cemented marcasite aggregate
(perhaps a single anhedral crystal; Fig. 7B) has a large amount of intra-
grain δ34S variability when viewed in the x-y plane (1σ = ±19.1‰,
compared to an average intra-grain standard error of± 2.0‰, 1σ,
n = 16), whereas the uncemented marcasite aggregate (Fig. 7C) has a
lesser but still easily resolved degree of intra-grain δ34S variability
(1σ = ±7.4‰, compared to an average intra-grain standard error

of± 2.2‰, 1σ, n = 18). Although both grains show intra-grain
variation in 32S− ion counts, there is no trend between counts and
δ34S (Fig. A5B–C, Appendix A). The more 34S-enriched areas are farther
from the center of the cemented marcasite aggregate (Fig. 7B; A6B,
Appendix A), but closer to a central linear region of the irregular
marcasite aggregate, parallel to the top/bottom edges (Fig. 7C; A6C,
Appendix A). Neither grain displays autocorrelation or a simple radial

Fig. 6. Internal δ34S variability in irregular pyrite aggregates from (A, B, C) the deepest pre-OAE-2 sample, (D, E, F) the sample deposited slightly before OAE-2, and
(G) the syn-OAE-2 sample. From left-right, panels display: optical microscope images, where scale bars are all 10 μm; 32S− ion images, accumulated over
60–90 cycles, with inset showing the size of sub-sampled regions; and δ34S values of the sub-sampled regions, where the error bar indicates the average of the
standard errors for the different sub-sampled regions.
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trend (Table A3, Appendix A).

4. Discussion

There are several different textures and two distinct minerals pre-
sent in the Fe sulfides of the analyzed sediments of Demerara Rise, the
relative proportions of which are substantially different in the syn-OAE-
2 sample (Table 1; Fig. 4A). Grain-specific analyses reveal that each
textural group carries a distinct average S isotopic signature (Fig. 4A),
and thus any change in the proportions of these groups inevitably will
result in a change of the δ34SCRS value. In particular, the near-dis-
appearance of 34S-enriched irregular pyrite aggregates and the ap-
pearance of large cemented aggregates are associated with the stark
decrease in δ34SCRS values during OAE-2 at Demerara Rise. All mineral
phases and textural groups feature resolvable intra-grain variability,
though the largest variability is clearly within the large aggregates
(Figs. 5–7). The non-random, radial/linear spatial distribution of the
intra-grain isotopic variability in many grains (Table A3, Appendix A)
suggests that they formed in fluids whose isotopic compositions were
evolving. This information is summarized in Fig. 8. Below we seek to
address why more 34S-depleted S appears to have been incorporated
into Fe sulfides during OAE-2 – in doing so, we integrate our results
with the existing bulk δ34S records of pyrite and organic S (Hetzel et al.,
2009; Raven et al., 2019).

4.1. The origin of depleted δ34SCRS values during OAE-2

4.1.1. The location of iron sulfidization
A major unknown is whether the Fe sulfides that constitute the CRS

fraction of Demerara Rise sediments formed in the sediments or the
water column, which is believed to have been sulfidic during the re-
corded interval at Demerara Rise. Pyrite framboids are documented to
form in some modern sulfidic water bodies (Suits and Wilkin, 1998),
though it is not clear whether this is a purely inorganic water-column
process (i.e., rapid precipitation in supersaturated conditions) or to
what extent it involves sulfate reduction in microenvironments in
sinking organic matter-rich particles (Bianchi et al., 2018). Measure-
ments of dissolved sulfide in modern sulfidic systems with initial sulfate
concentrations similar to that of the mid-Cretaceous ocean display only

Fig. 7. Internal δ34S variability in (A) a cemented pyrite
aggregate, (B) a cemented marcasite aggregate, and (C) a
non-cemented marcasite aggregate, from the syn-OAE-2
sample. From left-right, panels display: optical micro-
scope images, where scale bars are all 10 μm; 32S− ion
images, accumulated over 90–480 cycles, with inset
showing the average size of sub-sampled regions; and
δ34S values of sub-sampled regions, where the error bar
indicates the average of the standard errors for the dif-
ferent sub-sampled regions.
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article.)
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very small isotopic enrichments with depth in the water column (Gomes
and Johnston, 2017). If all Fe sulfide grains were to form by the reac-
tion of aqueous polysulfide with sinking Fe particles in a sulfidic water
column, one might, therefore, expect only minimal inter- or intra-grain
isotopic variability. Alternatively, if sinking particles housed both Fe
and OM, sulfate reduction in microenvironments and reaction of pro-
gressively 34S-enriched sulfide with Fe could produce a population of Fe
sulfide grains featuring intra- and/or inter-grain isotopic variability
(Louca and Crowe, 2017). A similar pattern could be expected for Fe
sulfide grains formed in sediment pore waters, due to the progressive
consumption and isotopic enrichment of residual sulfate, albeit on a
much slower timescale. Additionally, such sedimentary pyritization
could impart added isotopic variability onto any initially isotopically
homogeneous water-column phase. Fe sulfide populations from all
three samples studied feature substantial inter- (Fig. 4) and intra-grain
(Figs. 5–8; Table A3, Appendix A) isotopic variability, the latter of
which likely contributed to the former, especially for framboids (Fig.
A3, Appendix A). Therefore, the original Fe sulfides likely formed either
in the water column in sinking particles hosting active sulfate reduc-
tion, or in sediment pore waters. In some cases, the original grains were
progressively infilled from core-rim (see Fig. 5B for an example of in-
complete infilling), which likely further increased δ34S variability by
mixing primary framboids with sulfide precipitated from later, 34S-en-
riched (by Rayleigh distillation) fluids. Because both sinking particles
and sediment pore waters house sulfate reduction in a (variably) dif-
fusively limited (‘closed’) environment, we can use this framework to
ascribe mechanisms to the decrease in δ34SCRS toward the onset of OAE-
2.

4.1.2. The possible controls on δ34SCRS
In a simplified framework with a constant isotopic fractionation

during microbial sulfate reduction (εmic), the first Fe sulfide material to
form in a partially closed system is expected to be the most 34S-de-
pleted, whereas the last-formed material should be the most 34S-en-
riched due to the effects of Rayleigh distillation during sulfate reduction
(Bryant et al., 2019; Jorgensen, 1979). In such a system, the primary
controls on δ34SCRS values are (i) the magnitude of εmic, (ii) the open-
ness of the system with respect to the diffusion of water column sulfate
(Claypool, 2004), (iii) the total amount of Fe that could readily react
with reduced S species to form Fe sulfides, and (iv) the relative rate/
timing of the reactivity of Fe with reduced S species (Bryant et al.,
2019; Fike et al., 2015; Poulton, 2003; Shawar et al., 2018). Additional
factors of unknown importance for δ34SCRS are ambient pH and Eh, as
these may affect the saturation state of different sulfide minerals in the
system, and the operation of different Fe sulfide formation pathways
(Benning et al., 2000; Murowchick and Barnes, 1986; Poulton, 2003;
Rickard, 1975; Wan et al., 2017).

The primary control on εmic is the cell-specific rate of sulfate re-
duction (csSRR) (Leavitt et al., 2013; Sim et al., 2011a, 2011b), which
is thought to relate to the availability of electron donors (Wing and
Halevy, 2014). High e−-donor availability would increase csSRR and
decrease εmic, resulting in bulk Fe sulfides that are less isotopically
offset from seawater sulfate, and thus relatively more 34S-enriched. The
environment with the highest probability of hosting these lower εmic

values is one with highly labile and abundant e−-donor and no O2 or
NO3

−. Raven et al. (2019) proposed that sinking particles encountering
a very shallow chemocline might be one such environment and might
support relatively small εmic at Demerara Rise. We use a combination of
inter- and intra-grain δ34S values to test the relative contributions of the
above factors (i-iv) to the previously observed changes in δ34SCRS values
(Hetzel et al., 2009; Raven et al., 2019).

4.1.3. Changing microbial fractionation
Inter- (Fig. 4) and intra-grain data (Figs. 5–8) show that all samples

have minimum grain-specific δ34S values of close to −40‰. Whether
seawater sulfate had a constant δ34S value of ~+19‰ (Paytan, 2004)

or rose from ~+19 to ~+22‰ over the interval of interest (Owens
et al., 2013), our data imply that εmic approached equilibrium fractio-
nation between sulfate and sulfide (~66‰ at the estimated tempera-
ture for bottom waters over Demerara Rise during the mid-Cretaceous
climate maximum, ~20 °C; Eldridge et al., 2016; Friedrich et al., 2012,
2008) both before and during OAE-2 in whatever environment the most
34S-depleted grains (framboids) formed (most likely pore waters).
However, it is simultaneously possible that sulfate reduction in sinking
particles was associated with a smaller εmic, which contributed to the
formation of a population of more 34S-enriched grains (i.e., the irre-
gular pyrite aggregates). Due to the relative constancy of framboids' and
irregular pyrite aggregates' average δ34S values between the three
samples, there is no evidence that the average εmic in a particular en-
vironment changed during OAE-2. However, it is conceivable that the
integrated εmic recorded by the sum of all iron sulfide textures changed,
perhaps due to the primary locus of iron sulfidization shifting from
sinking particles to sediment pore waters, as suggested by Raven et al.
(2019).

4.1.4. Changing ‘system openness’
Secondly, closed-system dynamics may drive relatively 34S-enriched

sulfide, whether in diffusively limited sinking particles or sediments. In
a more closed system, the rate of sulfate reduction is high relative to the
rate of diffusion of sulfate from the water column – this ensures that the
isotopic composition of remaining aqueous sulfate and product sulfide
become more 34S-enriched, resulting in a greater intra-sample range of
preserved Fe sulfide δ34S values. If increasing system openness (i.e.,
slower sulfate reduction relative to the timescale of diffusion, either in
sinking particles or pore waters) were responsible for the declining
δ34SCRS values, this would be exhibited as a narrowing range of inter-
and intra-grain δ34S values toward OAE-2 (Bryant et al., 2019; Fike
et al., 2015; Jorgensen, 1979). We observe no such trend within the
pyrites. In fact, the addition of marcasite to the Fe sulfide pool during
OAE-2 served to increase the range of preserved δ34S values to include
strongly positive values (Figs. 4A, 8). In addition, non-random intra-
grain δ34S heterogeneities (e.g., radial and bidirectional 34S-enrich-
ments, and positive spatial autocorrelation; Figs. 5–7; Table A3 and Fig.
A6, Appendix A) suggest that most Fe sulfides in all three samples
formed under at least partially closed-system conditions where sulfate
was being consumed by microbial sulfate reduction faster than it could
be replenished by diffusion of sulfate from the water column. Therefore,
consistent with prior interpretations of local redox state, our grain-
specific data enable us to rule out increasing system openness (e.g., due
to a shoaling of the chemocline in the sediments) as the mechanism
responsible for the declining δ34SCRS values leading into OAE-2.

4.1.5. Changing Fe delivery
Total Fe abundance (i.e., delivery) is the third factor that can impact

δ34SCRS values. If the supply of reactive Fe-bearing minerals is ex-
hausted while the concentration of sulfate in the system is still high,
only very 34S-depleted sulfide is sequestered, resulting in very 34S-de-
pleted bulk Fe sulfides (Fike et al., 2015). Assuming that there was no
change in the reactivity of iron minerals reaching the site, a decrease in
total Fe delivery would result in a narrowing in the range of inter- and
intra-grain δ34S values toward OAE-2 (Fike et al., 2015). No such trend
was observed. In addition, total Fe abundance roughly doubles during
OAE-2 (Owens et al., 2012), although the median abundance of Fe
sulfides in the carbonate-free fraction of sediments is similar for syn-
and pre-OAE-2 sediments (Raven et al., 2019; Fig. A1, Appendix A), and
iron speciation data suggests that nearly all reactive Fe is present as iron
sulfides throughout the section (Owens et al., 2016). These observations
suggest that the initial total abundance of Fe was not the major factor
limiting δ34SCRS values, and changes in this parameter were not re-
sponsible for the declining δ34SCRS values prior to OAE-2.
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4.1.6. Changing availability of reactive Fe
A final possible explanation for the declining δ34SCRS values relates

to the rate/timing of Fe sulfidization (i.e., the reactivity of Fe minerals).
The timescale of reactivity of Fe in the system is primarily controlled by
rates of dissolution of iron minerals; these rates vary by orders of
magnitude from hours (ferrihydrite) to tens of thousands of years (Fe-
bearing sheet silicates) (Canfield et al., 1992; Raiswell, 1993). The S-
isotope composition recorded in CRS thus integrates sulfide δ34S values
across this spectrum of reactivity. Pyrite that forms from a more slowly
dissolving mineral will integrate values over a larger time/depth in-
terval. As such, more 34S-enriched Fe sulfides can indicate gradual re-
lease of Fe2+ from a less reactive mineral (Bryant et al., 2019; Shawar
et al., 2018). Inter- (Fig. 4) and intra-grain (Figs. 5–8) observations
show that the syn-OAE-2 sample features the largest proportion of 34S-
depleted material, while maintaining a large intra-sample δ34S range.
Additionally, inter- and intra-grain δ34S distributions for all minerals
and textures in the syn-OAE-2 sample are negatively skewed (Figs. 4,
8). The near-total absence of the relatively 34S-enriched irregular pyrite
aggregates (Figs. 4, 8) from the syn-OAE-2 sample suggests that a
change in the reactivity of available Fe minerals may have resulted in
physical differences in the Fe sulfides that formed. The occurrence of
marcasite suggests that the minimum pH attained in sediment pore
waters was also lower during OAE-2 than before (Murowchick and
Barnes, 1986; Schieber, 2011, 2007). Given the overlap between the
isotopic compositions of pyrite and marcasite in the sample (Fig. 4),
they likely formed in similar conditions, perhaps concurrently. How-
ever, the larger inter- and intra-grain δ34S ranges for marcasite (Figs. 8;
A6, Appendix A) suggest that conditions conducive to marcasite for-
mation (i.e., low pH) persisted for longer than those more conducive to
pyrite formation. The elevated OM contents of the syn-OAE-2 sediments
might have contributed to the unusually low pH inferred for this site
and measured at others (e.g., off Angola; Siesser, 1978), by intensifying
proton liberating metabolic activity such as fermentation (Vandewiele
et al., 2009), methanogenesis (Arndt et al., 2006; Soetaert et al., 2007),
and organic acid production. More acidic pore fluid conditions may be
corroborated by the lower carbonate contents during the OAE.

Another possibility could be variations in the mineralogy and re-
activity of Fe delivered to Demerara Rise driving changes in iron sulfide
morphology and δ34S values we observe. This would be consistent with
observations from the organic S system; the lack of change in the spe-
ciation and δ34S of organic S similarly argues for no major change in the
distribution of sulfide and its isotopes in the environment across the
onset of OAE-2 (Raven et al., 2019). The shift from more 34S-enriched
irregular pyrite aggregates to more 34S-depleted morphologies (mar-
casite, framboids, and large, cemented pyrite aggregates) indicates a
shift in the relative importance of different iron sulfidization pathways,
potentially associated with different Fe precursors (Canfield et al.,
1992; Raiswell, 1993).

Thus, two scenarios are feasible interpretations of the data. If
framboids formed from 34S-depleted sulfide in the water column during
OAE-2 (as indicated by their small size, Table 1; Wilkin et al., 1996),
and other 34S-depleted morphologies formed in very shallow sediments,
this would indicate a prevalence of more reactive Fe during OAE-2. In
this scenario, the more 34S-enriched irregular pyrite aggregates would
result from a closed-system sedimentary process. At the same time, the
earliest-formed iron sulfides (framboids) would have retained a S-iso-
tope composition that is more than 20‰ offset from the quantitatively
dominant organic S (Fig. 2). Conversely, if the more 34S-depleted
morphologies formed entirely in pore waters, their greater relative
abundance during OAE-2 could represent a shift toward a less reactive
Fe mineralogy such that water column iron sulfidization was minimized
(Raven et al., 2019). The majority of 34S-depleted pyrite measured in
the syn-OAE-2 sample is in the form of large, cemented aggregates,
which is morphologically consistent with their formation within the
sediments. In this scenario, the irregular pyrite aggregates that are
plentiful prior to OAE-2 would be interpreted as deriving from rapid

reactions within sinking particles, though the size of these aggregates
(9.5 μm diameter on average) likely precludes water column aggrega-
tion. Despite this, the similarity between the δ34S values of irregular
pyrite aggregates and organic S is consistent with their formation in a
similar environment, which Raven et al. (2019) argue was most likely
the water column. Irregular aggregates may thus represent accumula-
tions of smaller particle-sourced grains that subsequently aggregated
during early sedimentary processes.

4.2. Why might Fe sources to Demerara Rise change at the onset of OAE-2?

Fe isotopes in Demerara Rise shales are ~0‰, which has been used
to suggest that the dominant source of Fe to Demerara Rise was hy-
drothermal (mostly likely from the mid-Atlantic ridge or the Caribbean
Large Igneous Province (LIP); Jenkyns, 2010), before, during and after
OAE-2 (Owens et al., 2012). This still allows for a change in the mi-
neralogy or physical characteristics of the Fe source. For example, en-
hanced delivery of pyrite nanoparticles (as has been observed in the
modern ocean; Yücel et al., 2011) associated with increased submarine
volcanic activity (e.g., at the Caribbean LIP; Owens et al., 2012), could
have increased the kinetics of subsequent Fe sulfide formation at De-
merara Rise by lowering the supersaturation limit in micro-niches
within sediments (Harmandas et al., 1998). On the other hand, trace
metals are gradually drawn down over the same time interval that
δ34SCRS values decline (Owens et al., 2016). This was interpreted to
reflect a gradual expansion in the global areal extent of anoxic and
sulfidic environments, predominately in the southern proto-North
Atlantic region. This same process would be expected to also effectively
remove reactive iron (Böttcher et al., 2006; Owens et al., 2016), per-
haps limiting iron sulfidization to the less reactive iron minerals that
reached the seafloor (Raven et al., 2019).

Another factor that could have increased the rate of Fe sulfidization
at Demerara Rise during OAE-2 is pore water pH. The rate of Fe dis-
solution during the reaction of Fe oxyhydroxides with dissolved sulfide
has been shown experimentally to be a function of pH, for example
peaking at a pH of 5.5 for ferrihydrite in a seawater solution (Poulton,
2003). This low pH value is not common in marine sediment pore
waters, but is notable for being close to the pH (~5) below which
marcasite is expected to preferentially form over pyrite (Kitchaev and
Ceder, 2016; Murowchick and Barnes, 1986). Thus, the presence of
marcasite exclusively in the syn-OAE-2 sample suggests that the time-
scale of Fe reactivity/dissolution may have shortened in response to a
decrease in pore water pH. Importantly, this work suggests the locus
and mechanisms driving iron sulfide mineral formation changed across
the event, which has implications for Fe delivery and pore fluid inter-
actions as the local water column likely remained sulfidic throughout
this interval.

5. Conclusions

We have characterized and conducted grain-specific S isotopic
analyses on a diverse array of Fe sulfide minerals and textures from
three samples before and during OAE-2 from Demerara Rise, using a
recently developed SIMS imaging approach (Bryant et al., 2019). Four
distinct Fe sulfide morphologies have distinct and relatively constant
isotopic compositions. The relative proportions of these morphologies
differ between the samples, and these differences in abundance appear
sufficient to explain the previously reported variations in bulk δ34SCRS
values for the samples (Hetzel et al., 2009; Raven et al., 2019). All the
textures we analyzed feature substantial intra-grain δ34S variability and
therefore likely formed in a diffusively limited system, either in sinking
particles or subsequently in sediment pore waters. A later generation of
infilling pyrite with a more 34S-enriched composition served to increase
inter- and intra-grain δ34S variability in framboids. The largest in-
tragrain variability is in the cemented aggregates of pyrite and mar-
casite (up to ~60‰ spread), most consistent with later, closed system
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accumulation. However, variations in local εmic, open-system behavior,
and overall Fe flux are unable to explain the decrease in bulk δ34SCRS
during the ~200 kyr before OAE-2. Instead, the negative shift in δ34SCRS
values likely reflects a shift in the mineralogy of Fe delivered to the site
and thus to the rate of Fe2+ dissolution and sulfidization relative to
those of net sulfate reduction of OM sulfurization. This change favored
the formation of 34S-depleted iron sulfide morphologies (marcasite,
framboids, and large, cemented pyrite aggregates) while inhibiting the
formation of more 34S-enriched irregular pyrite aggregates. Our data
remain inconclusive as to whether these irregular pyrite aggregates
formed within sinking particles or in deeper sediments.

Scanning ion imaging analysis of iron sulfides by SIMS produces
data that makes existing bulk δ34SCRS isotope data several dimensions
richer. There is strong potential for attributing individual iron sulfide
morphologies to specific environmental settings. As we gain greater
knowledge of different iron sulfidization pathways (e.g., Wan et al.,
2017) and can recognize their products morphologically or geochemi-
cally, we may be able to use this tool to reconstruct the environmental
distribution of sulfide and its isotopes in unprecedented detail, while
also being able to identify changes in the biogeochemical iron cycle.
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